Abstract We present a crust and mantle 3-D shear velocity model extending well offshore of New Zealand's South Island, imaging the lithosphere beneath the South Island as well as the Campbell and Challenger Plateaus. Our model is constructed via linearized inversion of both teleseismic (18-70 s period) and ambient noise-based (8-25 s period) Rayleigh wave dispersion measurements. We augment an array of 4 land-based and 29 ocean bottom instruments deployed off the South Island's east and west coasts in 2009-2010 by the Marine Observations of Anisotropy Near Aotearoa experiment with 28 land-based seismometers from New Zealand's permanent GeoNet array. Major features of our shear wave velocity (V s ) model include a low-velocity (V s < 4.4 km/s) body extending from near surface to greater than 75 km depth beneath the Banks and Otago Peninsulas and high-velocity (V s~4 .7 km/s) mantle anomalies underlying the Southern Alps and off the northwest coast of the South Island. Using the 4.5 km/s contour as a proxy for the lithosphere-asthenosphere boundary, our model suggests that the lithospheric thickness of Challenger Plateau and central South Island is substantially greater than that of the inner Campbell Plateau. The high-velocity anomaly we resolve at subcrustal depths (>50 km) beneath the central South Island exhibits strong spatial correlation with upper mantle earthquake hypocenters beneath the Alpine Fault. The~400 km long low-velocity zone we image beneath eastern South Island and the inner Bounty Trough underlies Cenozoic volcanics and the locations of mantle-derived helium measurements, consistent with asthenospheric upwelling in the region.
Introduction
The South Island of New Zealand sits at the juxtaposition of three different tectonic environments. To the north, the Pacific plate subducts beneath the Australian plate, with a well-defined Benioff zone and abundant deep and intermediate-depth seismicity [Kohler and Eberhart-Phillips, 2003] . In Fiordland to the south, the sense of subduction is reversed, with the Australian plate subducting beneath the Pacific plate. Connecting these regions along the west coast of the South Island, the right-lateral Alpine Fault is the surface expression of a continental transform plate boundary. dipping crustal/mantle reflectors suggest that relict structures from this long-lived convergent episode are preserved within the Challenger Plateau (Figure 1b) lithosphere today [Davey, 2005; Melhuish et al., 2005] . The Hikurangi oceanic plateau subducted beneath the Gondwana Margin at the present-day Chatham Rise, approximately 105-96 Ma before plate motion was reconfigured and the stalled subducted slab south of Chatham Rise is hypothesized to have detached and sunk [Davy et al., 2008; Hoernle et al., 2006] . The breakup of Gondwana 
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initiated with widespread continental rifting and extension beginning~100 Ma, whereafter Zealandia transitioned to a passive margin setting when Tasman Sea spreading began approximately 85 Ma [Bache et al., 2014] . The opening of the Tasman Sea ceased around 52 Ma when the Lord Howe Rise and Australian plates joined [Cande and Stock, 2004] . Plate reconstructions indicate that the Zealandian Australia/Pacific plate boundary likely initiated at this time, cutting across the Challenger Plateau [Cande and Stock, 2004] , possibly in the location of the present-day Alpine Fault [Sutherland et al., 2000] . Eocene rifting along the Resolution Ridge (Figure 1b ) beginning approximately 45 Ma likely created oceanic crust eastward of the present-day Alpine Fault, which is no longer present in surface rocks and is inferred to have been overridden by the Campbell Plateau (Figure 1b ) during Cenozoic convergence [Spasojević and Clayton, 2008; Sutherland et al., 2000] . The Eocene rifting episode requires a pair of passive margins, one of which is evidently preserved at the western edge of the Campbell Plateau. Plate reconstructions suggest that the conjugate margin, and possibly the missing Eocene oceanic lithosphere, have been incorporated into the continental collision zone beneath the Alpine Fault since the Miocene [Sutherland et al., 2000] . The present-day Alpine Fault initiated with slow, diffuse transtension around 45 Ma, which evolved into almost purely strike-slip motion by 25 Ma [Sutherland et al., 2000] . Sutherland et al. [2000] propose that the evolution and morphology of the present-day plate boundary could be controlled by lithospheric discontinuities extant since the Paleozoic and manifested in the location of the Eocene passive margin, while Reyners [2013] proposes that the continental collision process since the Cenozoic has been influenced by the ongoing subduction of the Hikurangi oceanic plateau (Figure 1b) . The continuous elastic response of the lithosphere to shortening imposed between the oppositely verging subduction zones of Hikurangi and Fiordland was numerically modeled by Pysklywec et al. [2010] , with resulting models showing along-strike variations in the morphology of the lithospheric root.
Much of the continental lithosphere of Zealandia is below sea level and not easily accessible for seismic studies to probe the nature of the plate boundary and adjacent mantle lithosphere. Previous work using New Zealand land-based seismic stations has produced images of crustal structure from ambient noise surface wave tomography , Moho depth from receiver functions [Spasojević and Clayton, 2008] , and body wave tomography for crust and mantle structure [Kohler and Eberhart-Phillips, 2002] . Teleseismic shear wave splitting analysis [Zietlow et al., 2014] and Pn travel time residuals reveal a pattern of lithospheric anisotropy consistent with strain distributed across an~200 km region parallel to the Alpine Fault, but uncertainty persists as to the depth extent of localized versus distributed shear as revealed by seismic anisotropy. The latter two studies utilized an array of 29 broadband ocean bottom seismometers (OBSs) deployed from 2009 to 2010 in the Marine Observations of ANisotriopy off Aoteroa (MOANA) experiment [Yang et al., 2012] , with the primary objective of using these anisotropy measurements to characterize the distribution of strain about the plate boundary.
In this study we utilize ocean bottom seismometers offshore both east and west coasts of the South Island of New Zealand, and along with existing land-based seismometers, perform surface wave tomography for Rayleigh wave group and phase velocities using ambient noise and earthquake data recorded at periods from 8 to 70 s. The incorporation of ocean bottom seismometers greatly increases the array aperture available to interrogate both the onshore and offshore portions of the New Zealand continental lithosphere, resulting in improved resolution for the land portion of the study area, and the first lithospheric shear velocity models of offshore Campbell and Challenger Plateaus.
Data and Methods
Ambient noise and teleseismic surface wave analysis is conducted using waveforms collected by the 29 MOANA OBS stations and 28 land-based stations, 24 of which are from the permanent New Zealand GeoNet network [Petersen et al., 2011] shown in Figure 1 . The OBS stations were deployed between February 2009 and February 2010 over an~900 × 1300 km area centered on South Island. The average station spacing was~100 km. The OBS instrument packages included three-component seismometers with 240 s lower corner frequencies (excepting one 40 s sensor) and Cox-Webb differential pressure gauges (DPGs) with long-period sensitivity extending to over 1000 s [Webb and Crawford, 1999] . Data were digitized continuously at a sample frequency of 50 Hz. Seismic data quality on the OBS vertical component can approach or exceed that of quiet land stations in the "noise notch" [Webb and Crawford, 1999] Stachnik et al. [2008] . We downsample the continuous vertical component seismic waveforms from 50 samples per second (sps) to 1 sps and preprocess by removing the linear trend and instrument responses before band-pass filtering from 3 to 100 s to mitigate artifacts during cross correlation. The waveforms are then Fourier transformed, the amplitude spectrum is prewhitened, and the cross correlation is performed in the frequency domain. This method is similar to time domain 1 bit normalization techniques in its effectiveness at suppressing transient signal contamination [Bensen et al., 2007] . Information about absolute amplitudes is lost with both of these methods; however, it is not needed to calculate interstation group and phase velocity, and the amplitude-normalizing techniques allow data to be utilized and stacked in the absence of source information.
The hourly cross correlations for a given station pair are stacked to give a day record and archived in a database. All available day records for each station pair are then stacked to yield an experiment average cross-correlation function for each station pair. Examples of stacked interstation cross correlations are shown in Figure 2 for different combinations of OBS stations and land-based stations. Clear Rayleigh wave packets are visible with propagation speeds expected of surface waves. Cross correlations for ocean-ocean and ocean-land paths all show clear and symmetric Rayleigh wave packets for both the causal and acausal signal implying good azimuthal distribution of ambient noise sources (Figure 2 ). Rayleigh waves are consistent over the duration of the experiment, which encompassed both austral summer and winter cycles, indicating minimal temporal seasonal bias. Cross correlations between OBS stations on opposite sides of the island and those between land and OBS stations are less symmetric yet still reveal good signal-to-noise ratio (SNR) and dispersive characteristics.
Fundamental mode Rayleigh wave dispersion is measured for each station pair from the stacked cross correlation using frequency-time analysis [Dziewonski and Hales, 1972] . Similar to Lin et al. [2008] , the amplitudes of the positive and negative lag times of the cross correlations are averaged to extract a Rayleigh wave packet unbiased by signal strength related to direction of propagation and source distribution. 
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The period band of reliable dispersion measurements is determined by calculating signal-to-noise ratio of the Rayleigh wave envelope relative to the root-mean-square of cross-correlation amplitudes more than 50 s past the timing of an arrival with velocity 2.0 km/s. We measure group and phase velocity dispersion at periods from 8 to 25 s from the interstation Green's functions using the frequency-time analysis (FTAN) method of Levshin et al. [1972] . We employ the automated FTAN software aftan 1.1 (http://ciei.colorado.edu/Products/, last accessed 19 May 2014). The group velocity is determined by applying a sequence of narrowband Gaussian filters to the cross correlation and selecting the peak of the envelope within a reasonable group velocity window (1.4-4.5 km/s). The dispersion curves are the mean group velocity calculated at periods from 8 to 25 s after culling based on group velocity standard deviation less than 0.10 km/s and SNR greater than 10. Subsequently, we remove all measurements exceeding 3 standard deviations from the mean, and those where interstation distance is less than two wavelengths, calculated given the velocity and period. We use the two-wavelength criterion following Lin et al. [2013] and Yao et al. [2011] to preserve more measurements at long periods, given the relatively short interstation distances in the MOANA array. Cumulatively, these culling steps remove~20% of our measurements.
Ambient Noise Group Velocity Tomography
To transform the culled path-dependent interstation dispersion measurements into a set of perioddependent 2-D group velocity maps we employ the straight-ray tomographic inversion method of Barmin et al. [2001] . We use the software package tomo_sp_cu_s 1.1 (http://ciei.colorado.edu/Products, last accessed 19 May 2014). This software performs a damped least squares inversion, producing isotropic and anisotropic 2-D group and phase velocity maps at periods from 6 to 30 s. While we analyze only the resulting isotropic 
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group and phase velocity maps here ( Figures 3 and 4) , the anisotropic group velocity maps are interpreted in Yeck [2015] . We also generate maps of azimuthal coverage, ray density, and resolution ( Figure 5 ). The spatial resolution maps ( Figure 5 ) are a measure of the minimum distance from each node at which a delta-shaped anomaly can be distinguished by the tomographic inversion from an identical delta function at the target node. In accordance with prior applications of this tomographic method [Lin et al., 2008] , resolution is finest in the center of the array (where the largest number of interstation paths cross) and decreases in quality toward the edges of the array. The tomography produces Cartesian maps with a node spacing of 0.5°, which we then interpolate to resample the maps at 0.2°node spacing. The resulting group speed maps are shown in Figure 3. 
Ambient Noise and Teleseismic Phase Velocity Tomography
At a given period, Rayleigh wave phase velocity dispersion generally depends on deeper velocity structure than group dispersion [Yao et al., 2011] . The addition of teleseismic (earthquake) dispersion measurements enables longer periods, and thus deeper lithospheric shear velocities, to be modeled [Gaite et al., 2015] compared with noise-based measurements alone. Therefore, to complement our group velocity measurements from straight-ray tomography and resolve deeper structure, we also measure phase velocities from both noise cross-correlation functions (8-24 s period) and teleseismic Rayleigh wave signals (18-70 s period). All available vertical component waveforms for earthquakes with M s > 5.0 are analyzed. High noise levels are commonly observed at shallow OBS stations at long periods (>30 s), which necessitates special treatment before these data can be further analyzed. This long-period noise is clearly correlated with pressure perturbations observed by the co-located differential pressure gauges (DPGs) and is likely caused by seafloor compliance or the deformation of the seafloor under loading by ocean surface infragravity waves. Seafloor compliance is defined by the transfer function between displacement and pressure at the seafloor [Crawford and Webb, 2000] and is sensitive to sediment rigidity and thickness [Ball et al., 2014] . To reduce the compliance noise level, we implement the method described by Crawford and Webb [2000] . For a quiet day (9 June 2009) with no detectable earthquakes in the observed waveforms, we calculate the transfer We follow closely the eikonal tomography method described by Lin et al. [2009] to determine Rayleigh wave phase velocity maps across the array for the noise correlation functions and teleseismic data. For each station and earthquake, and each interstation noise correlation function, we first perform frequency-time analysis (FTAN) [Levshin et al., 1972 ] to obtain dispersive phase travel time measurements. For each earthquake and period, all measurements with SNR higher than 8 are then used to determine the phase travel time map. Note that we follow the phase front tracking method described by Lin and Ritzwoller [2011] to resolve the 2π ambiguity in phase velocity measurements and we determine the travel time maps on a 0.2°×0.2°grid through the minimum curvature surface fitting [Smith and Wessel, 1990] . Based on the eikonal equation, we estimate the phase velocity at each location using the gradient of each phase travel time map. For each period, all phase velocity measurements at the same location are averaged to obtain the final isotropic phase speed maps for both noise and teleseismic data. The resulting noise-based and teleseismic phase speed maps are shown in Figures 3 and 4 . A comparison of noise and teleseismic phase speed measurements at a common period (24 s) is shown in Figure 3c . While the noise and teleseismic data set data generally agree well, subtle differences are apparent, likely resulting from an inhomogeneous noise source distribution and/or differing finite-frequency sensitivities between data sets [Yao and van der Hilst, 2009] . Perioddependent measurement uncertainties are estimated following Lin et al. [2009] , and uncertainty maps are shown in Figure 6 . For both noise-based and teleseismic data sets, measurement uncertainty is lowest in the center of the analyzed period ranges (Figure 6 ).
Inversion for 1-D Shear Velocity Profiles
We sample the Rayleigh wave group and phase velocity tomograms at 0.2°increments in latitude and longitude to determine local dispersion curves at each node. At each node, the local group and phase dispersion curves are simultaneously inverted for a one-dimensional isotropic shear velocity (V s ) profile using depth 
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sensitivity kernels and the linearized least squares method of Herrmann and Ammon [2004] . The software performs an iterative, damped inversion, computing-updated sensitivity kernels at each iteration to minimize the dependence on the starting model. We fix the V p /V s ratio in the medium to that of the initial model and iteratively invert for the V s of each layer. Density is calculated from the new V p at each iteration using the Nafe-Drake equation [Nafe and Drake, 1957] .
The inversion minimizes an objective function of the form [Aster et al., 2013 , Hosseini, 2014 :
where m is a vector of unknown model parameters (i.e., shear velocities in each layer) perturbed by Δm, d is the observed data vector (group and phase velocities), and J(m) is the Jacobian matrix containing partial derivatives of the forward equation G(m) with respect to the model parameters (in this case J(m) contains partial derivatives of group and phase velocity with respect to shear velocity in each layer). The finite difference operator L(m + Δm) includes a matrix of weights controlling model smoothness by limiting the change in velocity across each layer [Herrmann and Ammon, 2004] , and λ is the damping (regularization) parameter.
We use a high damping parameter (10) in the first iteration to mitigate model overshoot effects and lower the damping to 0.3 for subsequent iterations. We chose the damping parameter and number of iterations (10) via trial and error to optimize the trade-off between model roughness and data misfit. We apply moderate weighting (0.8) to the layers in the uppermost 20 km to smooth the upper crustal model. Below 20 km individual layer weighting is decreased with depth, so that the deepest layers from 180 to 600 km (exceeding the peak depth sensitivity of our dispersion data) remain unperturbed from the reference model. The starting model for the V s inversion is based on the ak135 reference Earth model of Kennett et al. [1995] . The velocities of the uppermost 50 km of the starting model are constant, set to the 43 km depth ak135 values of V p = 8.04 km/s and V s = 4.48 km/s, in order to eliminate bias from the ak135 model's Moho depth. Below 50 km the starting model follows ak135 velocities with depth. We parameterize the model space using 2 km thick layers in the upper 50 km, increasing to 5 km thick layers down to 100 km. Below 100 km, layers are 10 km thick. The increasing layer thicknesses with depth were chosen by trial and error to optimally match the depth sensitivity of our dispersion data. In offshore regions the local starting model is capped by a layer of zero shear velocity with thickness equal to the water depth taken from the SRTM30_PLUS global elevation and bathymetry model [Becker et al., 2009] . The velocity and thickness of this water layer are fixed during the iterated linearized inversion.
We perform the inversion twice, once with no a priori crustal thickness estimates and once incorporating estimates of Moho depth from Salmon et al. [2013] . In the constrained Moho inversion we identify the model layer corresponding to the estimated Moho depth and force a velocity contrast to exist across that layer by increasing the layer's weight by a factor of 5. The crustal thickness model of Salmon et al. [2013] incorporates results from onshore/offshore refraction and reflection studies dating to the 1980s and includes Moho depth estimates from recent onshore receiver function analyses [Spasojević and Clayton, 2008] . Where data are sparse (i.e., offshore), they are interpolated using the Crust2.0 model [Bassin et al., 2000] . This model is well constrained by dense data sets in some areas (onshore and offshore areas with active source lines) and poorly constrained in others (offshore away from active source lines). Representative 1-D velocity models with and without Moho constraint are shown in Figure 7 . In the models shown, imposing the Moho constraint tends to reduce both data misfit at longer periods and the relative variance of deeper velocities between nodes.
Shear Velocity Inversion Results
Major features of our 3-D shear velocity model that we interpret here (Figures 8-10 ) include a southward dipping high-speed (V s > 4.5 km/s) body underlying the South Island south of Mount Cook (labeled as anomaly passive margin (PM) in Figure 10 ), a lower-velocity (V s < 4.4 km/s) body underlying the Canterbury/Otago region and Bounty Trough (anomaly asthenospheric upwelling (AU) in Figure 10a ), and a deep (>100 km) high-velocity (V s > 4.5 km/s) zone extending offshore the northwestern coast of the South Island beneath Challenger Plateau (anomaly CP in Figure 10a ). Depth slices at 15-140 km are shown in Figure 8 . At shallow depth (15 km) in our model, the most prominent feature we resolve is an arcuate lateral velocity discontinuity cutting across the southern South Island (Figure 8a ), which generally follows the trace of the Junction Magnetic Anomaly (Figure 1 ). To the north of this zone, crustal shear velocities are~3.4 km/s at 15 km depth, while to the south they exceed 3.6 km/s. At a depth of 40 km (Figure 8c ) we observe an apparent crustal root with shear velocities less than 3.8 km/s underlying the Southern Alps, in contrast with surrounding higher shear velocities (>4 km/s) characteristic of upper mantle material. The imposition of a Moho constraint focuses this crustal root beneath the highest topography of the Southern Alps in the 40 km depth slice (Figure 8c ).
The central South Island upper mantle high-velocity anomaly in our model at depths below 50 km (anomaly PM in Figure 10 ) dips southward from Mount Cook beneath the Southern Alps (Figures 9b, 9e , and 10). The depth of highest shear velocities beneath central South Island ranges from~80 km beneath Mount Cook to over 100 km beneath Fiordland.
The northern, offshore Challenger Plateau high-velocity anomaly we image (anomaly CP in Figure 10a ) extends several hundred kilometers northwestward from the west coast, with the highest shear speeds concentrated at depths below 80 km and latitudes below 43°S (Figures 8e-8h) . We also resolve a low-velocity zone (anomaly AU in Figure 10a ) at depths from 60 to 150 km beneath the east coast of South Island which underlies the Otago Peninsula at the shallowest depths ( Figure 8d ) and, with increasing depth, increases in lateral extent beneath the Canterbury Basin (Figures 8e-8h ), underlying the entire inner Bounty Trough at 150 km depth. 4. Discussion
Challenger Plateau
We image a zone of high shear velocities (V s > 4.6 km/s) offshore the northwestern coast of South Island and extending southward along the west coast (Figures 8e-8h) , with the highest shear speeds extending in depth from 50 to 150 km beneath the Challenger Plateau. This anomaly is labeled CP in Figure 10a . In the northernmost part of the South Island an apparent continuation of this feature is resolved to greater depths (>300 km) with teleseismic body wave tomography by D. W. coincide with the southwest boundary of the Challenger Plateau high-velocity anomaly we image (anomaly CP in Figure 10a ).
Both group velocity resolution scale ( Figure 5 ) and phase velocity RMS uncertainty ( Figure 6 ) generally increase toward the outer stations of the array. Thus, uncertainty in the velocity structure we image beneath Challenger Plateau increases with increasing distance from South Island, tempering our interpretation.
Onshore South Island
Our results onshore South Island generally agree with the onshore velocity models presented by Fry et al. [2014] and Lin et al. [2007] . In the crust we observe a change in shallow velocity structure that correlates spatially with the Junction Magnetic Anomaly (JMA) [Sutherland, 1999] across southern South Island (Figures 1b, 8a , and 8b) at 15 km depth. We find that crustal shear velocities north of the JMA are systematically slower than those south of the JMA by roughly 10%.
The mantle high-velocity zone extending southward of Mount Cook that we denote as anomaly PM (  Figure 10 ) is spatially correlated with reverse and strike-slip mantle earthquakes presented by Boese et al. [2013] and appears to align with the location of an inferred relict Eocene passive margin [Sutherland et al., 2000; Boese et al., 2013] . The mantle earthquakes reported by Boese et al. [2013] directly underlie low-frequency earthquake (LFE) hypocenters [Chamberlain et al., 2014] (Figures 9b and 9e ) that spatially correlate with a zone of high attenuation of P waves (low Q p ) [Eberhart-Phillips et al., 2008] and a region of high crustal electrical conductivity [Wannamaker et al., 2002] . The conductive and low Q p features have been interpreted to result from fluid migration upward from a zone of high-pressure metamorphism of the relict Eocene oceanic lithosphere [Boese et al., 2013; Chamberlain et al., 2014] . The dehydration of this oceanic lithosphere would presumably lead to a localized zone of increased density and more brittle rheology relative to the surrounding mantle [Karato and Jung, 1998 ], localizing subcrustal seismicity within the dehydrated zone. Our results show a high V s zone (Figures 9a-9c and 9e) coincident with the inferred zone of brittle deformation defined by the subcrustal earthquakes [Boese et al., 2013] . Anomaly PM thickens to the west of the Alpine Fault and south of Mount Cook, consistent with the location of the passive margin interpreted by Boese et al. [2013] . Our model is consistent with the hypothesis that the thickened edge of the remnant passive margin could be localizing brittle shear strain [Boese et al., 2013] at depth in the mantle. A deep high-speed zone, offset to the west of anomaly PM and the crustal root (Figures 8 and 9 ), could result from underthrusting of the Australian plate [Allis, 1981] or a combination of convergent thickening and intracontinental subduction [Fry et al., 2014; Sutherland et al., 2000] .
Because the MOANA array completely surrounds central South Island, both group velocity resolution ( Figure  5 ) and phase velocity RMS uncertainty ( Figure 6 ) are improved in this region relative to the edges of the array. Therefore, we consider our V s model of the central South Island region to be better constrained than those of the Challenger and Campbell Plateaus. [Sutherland et al., 2000] . Red stars are the subcrustal hypocenters [Boese et al., 2013] , green stars are the tremor locations [Chamberlain et al., 2014] , and black line is the inferred leading edge of the passive margin from Boese et al. [2013] .
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Canterbury Basin and Bounty Trough
The spatial extent of the low-velocity anomaly AU (Figure 10a ) at shallow depths (Figure 8) is consistent with the regions of Cenozoic intraplate volcanism between the Otago and Banks Peninsulas. High mantle helium values measured at the Banks and Otago Peninsulas are interpreted by Hoke et al. [2000] to derive from relatively recent asthenospheric melts, perhaps originating from the lithosphere-asthenosphere boundary at about 80 km depth and which coincide with measurements of high heat flow. Hoernle et al. [2006] propose that the Cenozoic shield volcanism beneath Otago can be explained by asthenospheric upwelling into cavities produced by lithospheric delamination, which thus do not require a plume origin. The lateral extent of anomaly AU at 60-140 km depth is consistent with the latter interpretation, but the limited vertical extent of our model (<150 km) precludes ruling out a plume-like feature (Figure 9 ). The stalling of Hikurangi subduction along the Chatham Rise has been proposed to result in slab detachment and subsequent asthenospheric upwelling in the last 20 Ma [Davy et al., 2008] . The lowest seismic shear wave speeds in anomaly AU at depths greater than 100 km in our model (Figures 8f-8h ) form a region subparallel to the Chatham Rise fossil margin, as would be expected for a convective upwelling caused by slab detachment inboard of the Chatham Rise margin.
While the geometry of the MOANA array limits raypath coverage on Campbell Plateau to the SE of the South Island and confines our modeled area to a small region (e.g., Figure 8 ), the RMS uncertainties of teleseismic phase velocity measurements (the main control on deeper structure in our models) are low relative to those on Challenger Plateau off the west coast of the South Island (Figure 6b ). Thus, we consider the mantle lowvelocity structure we image here to be robustly constrained by our data.
Inferred Lithospheric Thickness Variations
Defining the base of the lithosphere using the 4.5 km/s shear wave velocity contour as a proxy allows us to gauge first-order changes in the thickness of the high-velocity lid across the MOANA array. Beneath the inner Campbell Plateau off the east coast we image the thinnest lid in our model, where the 4.5 km/s contour ranges from <75 km depth to nearly absent beneath a portion of the east coast, south of Banks Peninsula (Figure 9 ). The maximum lithospheric thickness of over 150 km (exceeding the depth extent of our model) occurs beneath the western coast of the South Island and could be related to the presence of subducted Pacific lithosphere (D. W. Zietlow et al., submitted to Journal of Geophysical Research, 2016) . Lithospheric thicknesses elsewhere in our model average~80 km beneath the Challenger Plateau and the Eastern Campbell Plateau (Figure 9) . Zietlow et al. [2014] used measurements of teleseismic shear wave splitting to distinguish between distributed and localized deformation at depth in the plate boundary. In that work the authors hypothesized that given a lithospheric thickness of~150 km, all distributed shear resulting in the measured anisotropy could be accommodated purely in the lithosphere. The lithospheric thickness we estimate of~140 km beneath western South Island supports this model of distributed deformation in the lithosphere.
Beneath the east coast of South Island and Inner Bounty Trough, we image substantially thinner lithosphere (<75 km) than that of Challenger Plateau beneath the west coast of the South Island (>140 km). Based on petrological analysis of Cenozoic Dunedin and Otago volcanics, Hoke et al. [2000] predict a lithospheric thickness of~80 km in the region and an asthenospheric source for the magma. Our models indicate that Campbell Plateau lithosphere is indeed on the order of 80 km thick (Figure 9 ), consistent with a model of asthenospheric upwelling resulting from slab detachment beneath the stalled Hikurangi subduction margin at Chatham Rise [Hoernle et al., 2006; Davy et al., 2008] .
Conclusions
Ambient seismic noise and teleseismic surface wave data recorded on continuous vertical components from 29 broadband OBS and 28 broadband land seismometers deployed in the South Island region of New Zealand have been analyzed for Rayleigh wave phase and group velocity variations at periods between 8 and 70 s. By inverting these data we have constructed the first onshore/offshore lithospheric shear velocity model extending beneath the Challenger and Campbell Plateaus adjacent to the South Island.
We observe that the lithospheric thickness beneath the western South Island is substantially greater than that of inner Campbell Plateau. Our estimate of the inner Campbell Plateau thickness is comparable to the 80 km Journal of Geophysical Research: Solid Earth 10.1002/2015JB012726 predicted by Hoke et al. [2000] , given an asthenospheric origin of South Island volcanics. The thickest lithosphere we image occurs beneath the west coast of the South Island and south of Mount Cook and could result from underthrusting of Australian plate lithosphere [Allis, 1981] or a combination of convergent thickening and subduction [Fry et al., 2014; Sutherland et al., 2000] . The spatial extent of this thick, high-speed anomaly in our models corresponds with the presumed location of a remnant Eocene passive margin [Boese et al., 2013; Sutherland et al., 2000] that has been proposed to control present-day deformation along the Alpine Fault.
We also image a low-velocity feature beneath the Banks and Otago Peninsulas, which correlates with surface observations of mantle-sourced helium isotopes to support the existence of upwelling asthenosphere beneath this area [Hoke et al., 2000; Hoernle et al., 2006] .
To the northwest of the South Island we model a high-velocity body consistent with the subduction of Pacific plate oceanic lithosphere. The boundaries of this anomaly coincide with those of inferred preexisting subduction structures [Davey, 2005; Melhuish et al., 2005] . These features all strike subparallel to both the paleoPacific Gondwana Margin and the present-day Alpine Fault, implying that the location and geometry of the Cenozoic Australian-Pacific plate boundary in New Zealand could be related to discontinuities inherited from the Paleozoic.
